Abstract Changing climate conditions affect dust emissions and the global dust cycle, which in turn affects climate and biogeochemistry. In this study we use observationally constrained model reconstructions of the global dust cycle since the Last Glacial Maximum, combined with different simplified assumptions of atmospheric and sea ice processing of dust-borne iron, to provide estimates of soluble iron deposition to the oceans. For different climate conditions, we discuss uncertainties in model-based estimates of atmospheric processing and dust deposition to key oceanic regions, highlighting the large degree of uncertainty of this important variable for ocean biogeochemistry and the global carbon cycle. We also show the role of sea ice acting as a time buffer and processing agent, which results in a delayed and pulse-like soluble iron release into the ocean during the melting season, with monthly peaks up to~17 Gg/month released into the Southern Oceans during the Last Glacial Maximum (LGM).
Introduction
Mineral dust is an important component of the climate system of the Earth [Shao et al., 2011] . Dust emissions occur in response to surface erosion initiated by wind stress on the land surface in arid or semiarid areas with low vegetation cover [Marticorena and Bergametti, 1995; Prospero et al., 2002] . Fine-grained (<10 μm diameter) dust aerosols undergo long-range transport, with average lifetimes of a few days. Airborne dust particles impact cloud microphysics [Boucher et al., 2013] and scatter and absorb solar and terrestrial radiation, altering the energy budget of the atmosphere [Miller and Tegen, 1998; Balkanski et al., 2007] . Together with emission and transport, size-dependent dry and wet deposition scavenging processes shape the spatial features of the global dust cycle's mass balance, as well as the size distribution of dust particles . Dust acts as a carrier for elements (phosphorous and iron) that can limit the productivity in land [Okin et al., 2004] and marine [Martin et al., 1990; Jickells et al., 2005; Krishnamurthy et al., 2010; Moore et al., 2013] ecosystems, modifying carbon sequestration.
The stratigraphic preservation of dust deposition in natural archives-such as ice cores, loess/paleosol sequences, or marine sediments-allows, under opportune circumstances, quantitative reconstructions of past Dust Mass Accumulation Rates (DMARs), which can be consistently used to constrain the global dust cycle [Kohfeld and Harrison, 2001; Maher et al., 2010; Albani et al., 2015] .
We analyze the variability of the global dust cycle simulated with the Community Earth System Model (CESM) constrained by size-resolved observations of DMAR at different time slices between the Last Glacial Maximum (LGM)~21,000 years before present (21 ka B.P.) up to the preindustrial (PI) climate, examining uncertainties in data model comparisons of dust deposition in key regions. We then estimate soluble iron (solFe) deposition using different sets of assumptions and calculate deposition budgets for different ocean regions. Finally, we discuss the role of seasonal sea ice in acting as a temporal buffer and leaching agent for solFe release into the oceans. The iron released from melting sea ice can impact phytoplankton community composition and bloom dynamics, productivity, and carbon export [Abelmann et al., 2006 [Abelmann et al., , 2015 Wang et al., 2014] .
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Methods
The CESM is a fully coupled global Earth System Model [Gent et al., 2011] [Braconnot et al., 2012; Brady et al., 2013] . The dust model [Zender et al., 2003; Mahowald et al., 2006] coupled to the CESM is based on a representation of the major components of dust cycle: mobilization, transport, and deposition. Modeled impacts on climate include direct radiative forcing, and radiative impacts of dust on both snow and sea ice [Hunke and Lipscomb, 2008; Ganopolski et al., 2010; Bauer and Ganopolski, 2014] . We use CESM version 1.0.5 with the state of the art version of the dust Bulk Aerosol Model (sectional model representing dust in four size bins spanning 0.1-10 μm diameter) coupled to the Community Atmosphere Model 4 to simulate the global climate and the dust cycle during different periods, in climate equilibrium conditions.
Time resolution over the study period is achieved by performing new simulations complementary to detailed previous work Murphy et al., 2014] . A total of eight simulations are included: PI (1850 A.D.), 2 ka B.P., 4 ka B.P., MH (6 ka B.P.), 8 ka B.P., 10 ka B.P., H1 (16 ka B.P.), and LGM (21 ka B.P.)-see Table S1 in the supporting information for details.
We used the PMIP3 equilibrium simulations as initial conditions, following the PMIP3 protocol for greenhouse gas concentrations, land and ice sheets, and the use of PI vegetation [Brady et al., 2013] . Dust emissions account for changes in vegetation area by scaling the erodible surface of each grid cell based on the fractional vegetation cover simulated with the BIOME4 model [Kaplan et al., 2003; Albani et al., 2014] . The magnitude and spatial features of dust emissions were constrained by particle size-resolved DMAR data for each climate scenario and provenance fingerprinting with dust radiogenic isotopes . A new simulation for PI climate assumes that soil erodibilty is the same as for the late Holocenẽ 2 ka B.P., except we did not include glaciogenic sources in Alaska or dune mobilization in Nebraska . The simulation for a Heinrich stadial [Murphy et al., 2014] was associated with H1 (~16 ka B.P.) and rerun with a reduced soil erodibility scale factor for South America (one fourth of LGM, based on EPICA Dome C data) to account for the shrinking of glaciogenic sources compared to the LGM [e.g., Lambert et al., 2008] . Current limitations of our approach include the use of time slices rather than a transient simulation, the lack of a dynamical vegetation model, and several assumptions concerning the homogeneous dust elemental composition and the processing of dust-borne iron, including paleofires.
The bioavailable fraction of iron is not well known, partly because of differences in analytical procedures [Mahowald et al., 2009; Baker and Croot, 2010] . Observational evidence indicates (a) atmospheric processing of iron to soluble iron [Zhu et al., 1997; Meskhidze et al., 2005] , (b) varying solubility under different dust and aerosol chemical conditions [Journet et al., 2008; Shi et al., 2012; Sholkovitz et al., 2012] , and (c) direct emission of soluble iron from combustion sources [Guieu et al., 2005; Chuang et al., 2005; Luo et al., 2008] . We assume 3.5% (mass) iron content in dust [Watson et al., 2000] and that the labile iron is soluble [Jickells and Spokes, 2001] . We estimate solFe deposition to the ocean with five different sets of assumptions (for details, see supporting information Figure S5 ), in order to constrain the uncertainties in atmospheric processing based on published hypotheses. The five scenarios include one case assuming constant iron solubility of 2% (CON) [e.g., Moore et al., 2006; Tagliabue et al., 2009] , as well as four different scenarios which also consider emissions of iron from PI biomass burning [Luo et al., 2008] . CON2 is simply the combination of CON and PI biomass burning iron. MOD (based on Luo et al. [2008] and Mahowald et al. [2009] ), SIZ, and INV (based on Sholkovitz et al. [2012] ) consider processing of dust-borne iron and biomass burning emissions ( Figure S5 ). In addition, we estimate (a) the uncertainties related to dust deposition and (b) the potential role of dust processing by sea ice, which observations suggest increases iron solubility by a factor of~2.5 [Raiswell et al., 2016] . [Lambert et al., 2008; Martínez-García et al., 2009] (Figure 1d ). By the early Holocene, global dust emissions had reduced significantly to~2900 Tg/a at 10 ka B.P., shrinking to a minimum (2427 Tg/a)~8 ka B.P. and later expanding again until PI (~2798 Tg/a). Concurrently, the emissions from the SH decreased during the Holocene, while the NH emissions were increasing, consistent with the insolation-induced changes in seasonality and the monsoon systems [Braconnot et al., 2007] . At the same time emissions were also shifting gradually from Asia toward North Africa in terms of mass balance (Figures 1a-1c ).
For reference, global dust emission (and deposition) in previous studies ranged from~1000 to~5000 Tg/a for interglacial climates and from~2000 to~14,000 Tg/a for the LGM [e.g., Werner et al., 2002; Lunt and Valdes, 2002; Claquin et al., 2003; Mahowald et al., 2006; Takemura et al., 2009; Ganopolski, 2010, 2014; Yue et al., 2011; Sudarchikova et al., 2015] . For the present day, the AeroCom median of 15 global models is 1257 Tg/a [Huneeus et al., 2011] . Note that the potential for long-range transport, more relevant for deposition to the oceans, is highly dependent on modeled particle size distributions Mahowald et al., 2014] . Here we estimate that 440 and 826 Tg/a dust are deposited to the world's oceans in PI and LGM, respectively (Table S1 ). For current climate conditions, a composite estimate of dust deposition to the ocean from different models amounts to 450 Tg/a [Jickells et al., 2005] .
Our simulations capture the trends in observed dust deposition in Greenland ( Figure 1e ) and Antarctica (Figure 1f ), but not all the details, because the model was constrained with a larger data set . The simulated LGM/Holocene dust deposition ratio is~4 for GISP2, compared to~17 from the observations (average 19-23 ka BP) for the LGM [Mayewski et al., 1997] , which may be substantially influenced by changes in atmospheric circulation [Serno et al., 2015] that are not captured by the model. At Dome C, the simulated LGM/Holocene ratio is larger (~10) but still less than the observations (~25) [Delmonte et al., 2004] PALEODUST VARIABILITY AND IRON 3946
The CESM-based dust deposition at sites downwind from North Africa captures features of the observed DMAR (note the distinction between fine fraction and bulk in Figure 1 ), including the increase in dust deposition during H1 compared to the LGM, and the early/mid-Holocene dust minimum (Figures 1g and 1h) . DMAR (fine) is better reproduced in the equatorial Atlantic (Figure 1h ) than in the North African margin, where it is overestimated by the model (Figure 1g ), possibly because of inaccurate representation of the temporal dynamics of dust source activation or wind patterns, or an overestimation of wet deposition of dust in the CESM Scanza et al., 2015] . Alternatively, the observed DMAR at GC68 may be underestimated, as it is comparable in magnitude to remote sites in the equatorial Pacific in the early to mid-Holocene . For GC68 the partitioning of riverine versus eolian contributions is based on end-member decomposition of the grain size distribution [McGee et al., 2013] . This approach has its greatest uncertainties in the fine fraction. On the other hand, DMAR estimates from equatorial Atlantic core RC24-01 also have large uncertainties due to its relatively coarse age model and lower sediment accumulation rates with larger impacts of bioturbation. Down-core measurements of particle size distributions were not performed for RC24-01 [Bradtmiller et al., 2007] but were approximated by a constant fraction (0.5) of particles < 10 μm, based on nearby sediment trap measurements [Ratmeyer et al., 1999] . Therefore, part of the model-observation mismatch may be related to uncertainties in estimating the fine fraction of the total eolian flux (Figures 1g and 1h , dotted line versus solid line), suggesting possible inconsistency among observations themselves .
In the equatorial Pacific our reconstructions agree with the magnitude and trends of dust deposition at 110°W but underestimate DMAR farther west at 140°W (Figures 1i and 1j ) in both glacial and interglacial conditions. In our simulations, this seems at least in part related to the penetration of the North African dust plume across the Atlantic and into the Pacific, which may not be fully consistent with the latest observational evidence on dust provenance in the region (see also supporting information Figure S2 ). Another feature emerging from the observations is the N-S gradient in dust deposition, which remains relatively constant across the LGM-Holocene transition [Anderson et al., 2006; McGee et al., 2007] . This feature is partially reproduced by our simulations, but a minimum in simulated dust deposition at the equator is not found in the observations ( Figure S2 and associated discussion in the supporting information). Biases in model precipitation evident for current climate could explain the mismatch (supporting information Figure S2 ); in our simulations the dust deposition flux, there is controlled primarily by the dust load (i.e., availability of dust) and modulated by the precipitation, as wet deposition is the dominant process for dust removal from the atmosphere (supporting information Figure S3 ). The "double ITCZ" is a known bias in the state of the art climate models [Li and Xie, 2014] , and it may also account for very low dust deposition in the Western Pacific in the CESM [Winckler et al., 2008; Albani et al., 2014 Albani et al., , 2015 .
Our simulations reproduce the magnitude and trends of dust deposition at sites sampling the main Australian dust corridors [Fitzsimmons et al., 2013] during the Holocene but fail to capture late glacial trends. Too high dust deposition is simulated for the NW site (Figure 1k ), whose trends [Hesse and McTainsh, 2003] are confirmed by a dust proxy from a nearby core [Kuhnt et al., 2015] , whereas the LGM spike in dust deposition in the Tasman Sea record [Hesse, 1994] is not matched (Figure 1l ). Simulated LGM dust emissions are intense both from the Lake Eyre Basin and the West, whereas only the former is a significant dust source in the PI (supporting information Figure S4 ). Paleoclimate and geomorphological evidence is consistent with spatial variability in landscape response to LGM/deglacial climate oscillations, possibly related to the interplay between the monsoon and the Southern westerlies [Fitzsimmons et al., 2013] . On the other hand, the CESM shows no significant variability in the ITCZ on glacial-interglacial time scales [Brady et al., 2013] . Our simulations underestimate dust deposition at site PS75/59-2 (125°W, 54°S) [Lamy et al., 2014] by an order of magnitude, although they capture the observational LGM/Holocene ratio (~3) (supporting information Figure S1 ).
Interestingly, observed Holocene DMAR at PS75/59-2 are lower than the upwind Tasman Sea record, but of the same magnitude as the NW site (fine fraction), which is very close to the continent. Similarly, Albani et al. [2015] pointed out that Holocene DMARs in the South Atlantic Martínez-García et al., 2009 ] are comparable to those form the North Atlantic (fine fraction), in a region where satellites show little dust today [Prospero et al., 2002] , suggesting possible incongruences as discussed earlier for the North Atlantic. More data of both DMAR and particle size distribution are needed to constrain the models and tackle this problem.
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Soluble Iron Inputs to the Oceans
A common assumption that dust-borne iron has a constant solubility of 2% (CON) [e.g., Tagliabue et al., 2009] (Figure 2a ) hides the spatial variability that both dust composition [Schroth et al., 2009; Journet et al., 2013] and atmospheric processing [Baker and Croot, 2010; Shi et al., 2012] impart on bioavailable iron [Jickells and Spokes, 2001; Mahowald et al., 2009] . A sensitivity study including biomass burning sources of iron (CON2) is contrasted with other (MOD, SIZ, and INV) simplified approximations of atmospheric dust processing and sensitivity to aerosol abundance (supporting information Figure S5 ) and suggests a different regional distribution of deposition.
There are also significant differences in the global estimates of solFe deposition to the ocean, ranging from 0.08 to 0.39 Tg/a for PI (Figures 2a, 2c , and 2e and supporting information Figure S5 ) and 0.20 to 0.82 for the LGM, with MOD and SIZ giving the smaller and larger estimates, respectively. All cases show larger temporal variability (absolute and relative) in the Southern Ocean and North Pacific regions (Figures 2b, 2d , 2f, and 2h; supporting information Figure S5 ; and supporting information Tables S2-S6), in line with observed changes in dust deposition of a factor of~5 [e.g., Martínez-García et al., 2009; Serno et al., 2015] .
For CON, we estimate how uncertainties in dust deposition (without specifically analyzing the large range of estimates using different observational approaches, which is beyond the scope of this paper) propagate into solFe deposition budgets for key oceanic regions, based on the model-observation comparison (Figure 3 ). Note that in general, we expect model and observations comparisons of dust deposition to be scattered within 1 order of magnitude [Mahowald et al., 2011; Albani et al., 2014] . CESM simulations tuned with global data sets are on the high end for deposition downwind of the North African plume Figure S2 ). For the southern oceans (>30°S) significant uncertainties arise depending on the specific choice of observational constraints (Figure 3c ), highlighting the importance of gathering more observations of deposition magnitude. Note that uncertainties related to the gradient in mid-to-high latitudes dust depositions discussed in section 3.1 may contribute to the overall uncertainty in estimates of dust/iron deposition to the Southern Ocean.
The sea ice component of CESM [Jahn et al., 2012; Wang et al., 2014] allows partitioning of dust deposition onto open waters compared to sea ice. In the high-latitude oceans the fraction of dust (and associated iron) that is deposited on sea ice increases closer to the poles (Figures 4a and 4b) . At latitudes > 45°S in the Southern Ocean dust-borne iron intercepted by sea ice (blue, dotted line in Figures 4c, 4d, 4g , and 4h) in our PI simulations represents about one eighth of the deposition over the open ocean, but the proportions become comparable during LGM, because of an increase in sea ice extent and a preferential strengthening of sources supplying dust to regions with high sea ice cover. A similar situation is simulated in the Arctic (Figures 4c, 4d, 4g , and 4h).
The climatological annual cycle of iron inputs into the oceans shows a marked seasonality, determined by the interplay between direct atmospheric inputs into the ocean and the inputs mediated by the sea ice. Sea ice itself represents a weathering environment [Edwards and Sedwick, 2001; Lannuzel et al., 2007; Abelmann et al., 2015] , where iron solubility was shown to potentially increase by a factor of~2.5 ± 2.5 as a result of photoreductive processes in ice and melting/freezing cycles which allow intermittent chemical weathering to form Fe as (oxyhydr)oxides [Raiswell et al., 2016] . Dust deposition on sea ice results in a delayed and pulse-like solFe release into the ocean as sea ice melts annually (Figures 4c, 4d, 4g, and 4h ). This pulse of iron comes just at the beginning of the growing season and may favor the larger phytoplankton and bloom development, which leads to more efficient export of carbon to the ocean interior [Wang et al., 2014] .
The simulated net solFe input into the high-latitude oceans during the peak months is 3 times higher in the NH than the SH (Figure 4) . The spatial features of iron deposition show that certain regions such as the Atlantic Sector receive substantially more iron than the average Southern Ocean (Figures 4a and 4b) . During the LGM, the magnitude and relative importance of sea ice mediated release of solFe into the ocean becomes even larger (Figures 4g and 4h ).
We estimate (CON scenario) that up to 6 and 90 Gg/a solFe could be released into the Southern Ocean south of 45°S (33 and 88 in the NH high-latitude oceans) for PI climate conditions and the LGM, respectively (Figure 4 ). In the LGM/PI comparison, sea ice processing amplifies solFe input to the ocean by 10% in the NH and 22% in the SH on average. Additional processes supply iron in the real ocean [e.g., Kohfeld et al., 2005; Lambert et al., 2015] , including hydrothermal vents [Tagliabue et al., 2014] , shelf sediments [Lam and Bishop, 2008; Moore and Braucher, 2008] , and ice rafted debris [Kohfeld and Harrison, 2001; Raiswell et al., 2016] .
Overall, our study shows that substantial uncertainty exists in current estimates of solFe deposition to the ocean, when accounting for the combined uncertainties from dust deposition, atmospheric processing, and sea ice processing (supporting information Figure S6 ). In the most extreme scenario~1.6 Tg/a solFe could enter the ocean waters south of 30°S during the LGM.
Summary
For the first time, we provide data-constrained global model reconstructions of dust and solFe deposition at different time slices from the LGM to PI climate, complemented by a set of sensitivity studies designed to estimate the range of the composite uncertainty arising from uncertainties in dust deposition, atmospheric, and sea ice processing in regions of particular importance for ocean biogeochemistry and the carbon cycle.
The model reconstructions show a reasonably good agreement with observations of dust deposition from paleodust archives, both in terms of trends and absolute values [see Albani et al., 2015] . Global dust deposition reached a maximum during H1~16 ka B.P. (6771 Tg/a) and a minimum during the early/mid-Holocenẽ 8 ka B.P. (2427 Tg/a).
Estimates of dust-borne solFe deposition to the oceans using five different sets of assumptions reveal a wide uncertainty, with global estimates between 0.08 and 0.39 Tg/a for the PI climate and between 0.20 and 0.82 Tg/a for the LGM (CON scenario). The larger variations in LGM versus PI climate were simulated for the Southern Ocean and Northern Pacific, both regions where ocean biogeochemistry is sensitive to iron inputs [Moore et al., 2006; Krishnamurthy et al., 2010] . Our approach here uses several common methods for estimating soluble iron to examine the sensitivity of our results to assumptions [Moore et al., 2006; Tagliabue et al., 2009; Luo et al., 2008; Sholkovitz et al., 2012] and shows that combustion iron from paleofires could be important for paleoclimate simulations [Ward et al., 2012] . The details of the assumptions about iron solubility matter greatly for spatial and temporal variabilities in solFe deposition. Because evidence suggests that both the amount and the mineralogy of dust matters for solubility [Schroth et al., 2009; Shi et al., 2012] , more data about the composition and/or sources of dust [Grousset and Biscaye, 2005] and other iron sources should be acquired.
Sea ice acts as a time buffer resulting in a delayed, pulsed solFe release into the ocean during the melting season, with peaks up to~17 Gg/month released into the Southern Ocean during the LGM, if also considering the potential role of sea ice in iron processing (CON). The spatial features of solFe release into the ocean waters reveal comparable deposition rates in the Atlantic sector of the Southern Ocean and in low-latitude regions of moderately high dust flux, like the Caribbean, during the LGM.
A much larger range of estimates of solFe input to specific oceanic regions arises when considering the composite uncertainty of dust deposition, atmospheric, and sea ice processing.
Given the importance of the episodic nature of atmospheric inputs for ocean biogeochemistry [Krishnamurthy et al., 2010; Guieu et al., 2014] , our results may prove valuable for testing the iron hypothesis, in line with observations supporting the idea that dust was a significant contributor to stimulating the glacial biological pump [Ziegler et al., 2013; Lamy et al., 2014; Martínez-García et al., 2014] . Further studies with coupled models simulating marine ecosystem dynamics are needed to determine the net export production, hence the net dust-induced effect on atmospheric CO 2 concentrations [Falkowski et al., 1998; Moore et al., 2006] . 
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